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Abstract. We present a one-dimensional reactive transport
model to estimate benthic fluxes of dissolved inorganic car-
bon (DIC) and alkalinity (AT) from coastal marine sedi-
ments. The model incorporates the transport processes of
sediment accumulation, molecular diffusion, bioturbation
and bioirrigation, while the reactions included are the re-
dox pathways of organic carbon oxidation, re-oxidation of
reduced nitrogen, iron and sulfur compounds, pore wa-
ter acid-base equilibria, and dissolution of particulate inor-
ganic carbon (calcite, aragonite, and Mg-calcite). The coastal
zone is divided into four environmental units with differ-
ent particulate inorganic carbon (PIC) and particulate or-
ganic carbon (POC) fluxes: reefs, banks and bays, carbon-
ate shelves and non-carbonate shelves. Model results are
analyzed separately for each environment and then scaled
up to the whole coastal ocean. The model-derived estimate
for the present-day global coastal benthic DIC efflux is
126 Tmol yr−1, based on a global coastal reactive POC de-
positional flux of 117 Tmol yr−1. The POC decomposition
leads to a carbonate dissolution from shallow marine sed-
iments of 7 Tmol yr−1 (on the order of 0.1 Pg C yr−1). As-
suming complete re-oxidation of aqueous sulfide released
from sediments, the effective net flux of alkalinity to the wa-
ter column is 29 Teq. yr−1, primarily from PIC dissolution
(46 %) and ammonification (33 %). Because our POC depo-
sitional flux falls in the high range of global values given in
the literature, the reported DIC and alkalinity fluxes should
be viewed as upper-bound estimates. Increasing coastal sea-
water DIC to what might be expected in year 2100 due to
the uptake of anthropogenic CO2 increases PIC dissolution
by 2.3 Tmol yr−1and alkalinity efflux by 4.8 Teq. yr−1. Our
reactive transport modeling approach not only yields global
estimates of benthic DIC, alkalinity and nutrient fluxes un-
der variable scenarios of ocean productivity and chemistry,
but also provides insights into the underlying processes.
1 Introduction
Based on globally averaged carbon box models driven
by atmospheric CO2, globally averaged land-use changes
and climate, Andersson et al. (2005) recently estimated
that the coastal ocean currently receives ∼ 80 Tmol (inor-
ganic and organic) C yr−1 from terrestrial sources, pumps
∼ 20 Tmol C yr−1 from the atmosphere and sequesters on
the order of 40 Tmol C yr−1 in shallow marine sediments.
Because the deposition flux of carbon could exceed its
burial flux by a factor of two or so (e.g., Andersson et al.,
2005), the dissolved inorganic carbon (DIC) recycling flux
from both benthic organic matter degradation and carbonate
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Table 1. Global C flux estimates in coastal sediments.
Global estimate (Tmol C yr−1) Reference
POC deposition flux 15.6 Jahnke (2010)
40 (pre-industrial) Andersson et al. (2005)
52 Muller-Karger et al. (2005)
97 (0–150 m, reactive only) Thullner et al. (2009)
117 (reactive only) This work
135 Dunne et al. (2007)
167 Wollast (1991)
183 Sarmiento and Gruber (2006)
POC burial 5 Muller-Karger et al. ( 2005)
9 Andersson et al. (2005)
10 Berner (1982)
14.2 Sarmiento and Gruber (2006)
15 Chen (2003)
17 Wollast (1991)
18–20 Wollast and Mackenzie (1989)
20 Mackenzie et al. (1998)
56 Dunne et al. (2007)
PIC deposition 23 Milliman and Droxler (1996)
23 This work
24.5 (not including inert riverine PIC) Andersson et al. (2005)
PIC burial 13 Milliman and Droxler (1996)
14.5 (not including inert riverine PIC) Andersson et al. (2005)
15 Chen (2003)
16 This work
17 Feely et al. (2004)
21 Mackenzie et al. (1998)
dissolution may be on the order of 40 Tmol C yr−1. These
estimates are supported to some extent by observational ev-
idence (e.g., Mackenzie et al., 2005) and clearly highlight
the prominent role of shallow sediments in the global coastal
ocean carbon budget. A number of recent studies have also
discussed the potential importance of alkalinity generation
in shallow sediments to the global ocean alkalinity budget,
suggesting that the benthic alkalinity source could act as
negative feedback to rising atmospheric CO2 conditions and
ocean acidification (Chen, 2002; Chen et al., 2003; Thomas
et al., 2009; Hu and Cai, 2011). This benthic source of al-
kalinity to the overlying water column has mainly been at-
tributed to anaerobic degradation pathways of deposited or-
ganic matter. For instance, Thomas et al. (2009) propose that
the 0.073 Teq. yr−1 of alkalinity generated in the Wadden
Sea are produced by denitrification and sulfate reduction.
This release could balance 20–25 % of the CO2 uptake of
the entire North Sea. By extrapolating budgets for the East
China Sea, Chen (2002) estimates that continental margin
sediments contribute 16–31 Teq. yr−1 of alkalinity globally,
a value that is comparable to the global bicarbonate alka-
linity delivered by rivers (Suchet et al., 2003). Hu and Cai
(2011), however, obtained a much smaller benthic alkalin-
ity flux of 4–5 Teq. yr−1 based on whole-ocean estimates of
denitrification and sulfate reduction in sediments deposited
on the continental shelves.
Because of the limited availability of comprehensive ob-
servational datasets that can resolve the heterogeneity of the
global coastal ocean, it is nonetheless important to recog-
nize that the quantitative global significance of coastal sed-
iments to the carbon cycle, DIC and alkalinity generation
fluxes remains poorly known. For instance, only a few esti-
mates of PIC (particulate inorganic carbon) deposition fluxes
in the coastal zone are available (23–24.5 Tmol yr−1, Ta-
ble 1), while global estimates of particulate organic carbon
(POC) deposition fluxes for seafloor depths between 0 and
200 m vary by an order of magnitude (16–183 Tmol C yr−1,
Table 1). The large uncertainties associated with the deposi-
tion fluxes and post-depositional fate of POC and PIC lead
to poorly constrained inorganic carbon budgets and ben-
thic fluxes for shallow marine sediments (see, for example,
Schneider et al., 2006).
Most commonly, benthic alkalinity fluxes are derived in-
directly by balancing water column budgets; that is, they
are not based on an explicit representation of the benthic
compartment and the alkalinity-generating early diagenetic
processes. However, over the past three decades, early di-
agenetic modeling has greatly improved our mechanistic
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and quantitative understanding of biogeochemical cycling in
marine sediments and should thus be considered a method
of choice to quantify benthic alkalinity and DIC fluxes. A
few studies have fully addressed the dynamic interplay be-
tween redox processes, driven by organic matter decompo-
sition, and inorganic carbonate dissolution and precipitation
(Boudreau and Canfield, 1993; Jourabchi et al., 2005; Bur-
dige et al., 2010). Most early diagenetic modeling studies that
explore biogeochemical dynamics in shallow water environ-
ments tend nevertheless to be site-specific, with little attempt
to extrapolate the results to larger scales. (e.g., Blair and
Aller, 1995; Martens et al., 1998; Epping et al., 2002; Berg et
al., 2003; Luff and Moll, 2004; Rojas and Silva, 2005; Thull-
ner et al., 2005; Morse and Eldridge, 2007; Dale et al., 2008,
2009; Anggara Kasih et al., 2008; Mogollon et al., 2009).
Soetaert et al. (1996) developed an early diagenetic model
of sediments from the shelf (200 m) to the abyss (3000 m),
which quantified carbon oxidation via oxic and anoxic path-
ways. The recent study by Thullner et al. (2009) also quanti-
fies organic carbon oxidation pathways along an ocean hyp-
sometry from 100 to 5000 m, and determines the associated
dissolved inorganic carbon (DIC) fluxes. A number of cou-
pled global biogeochemical models such as GENIE (Ridg-
well, 2007; Ridgwell and Hargreaves, 2007), CLIMBER and
UVic (Archer et al., 2009), and HAMMOC (Palastanga et al.,
2011) also apply simplified models of early diagenesis (e.g.,
Muds (Archer et al., 2002) or the DCESS sediment module
of Shaffer et al., 2008). However, these global models can-
not resolve the shallow ocean dynamics and their diagenetic
components are typically based on simplifying assumptions
such as considering a single PIC phase (calcite) or neglecting
Fe cycling/burial.
The limited quantitative understanding of benthic alkalin-
ity and DIC fluxes from shallow marine environments con-
trasts with the potential significance of coastal sediments for
the global carbon cycle and climate. In particular, our abil-
ity to better constrain global coastal ocean C budgets will
strongly depend on a better quantification of biogeochemi-
cal transformations and fluxes in these shallow sediments. In
addition, such quantification will also improve our ability to
predict the response of the seafloor to perturbations of the
carbon cycle, including productivity changes and acidifica-
tion of coastal waters. For instance, Andersson et al. (2005)
predict that increasing coastal productivity over the next cen-
tury will significantly alter the CO2 pumping efficiency of the
global coastal ocean. This eutrophication will increase POC
deposition fluxes, and, because organic carbon metabolism is
the major driving force for PIC dissolution in shallow envi-
ronments (Morse and Mackenzie, 1990), benthic carbonate
dissolution will increase. In contrast, model simulations by
Andersson et al. (2005) indicate that ocean acidification, and
the resulting pH drop of circa 0.3 units predicted by the end
of the century (e.g., Caldeira and Wickett, 2003), should have
a limited impact on benthic CaCO3 dissolution. Neverthe-
less, this conclusion requires further investigation, because it
is drawn from simple mass balance calculations, which do
not resolve the complex interplay between the large number
of benthic processes.
The purpose of this contribution is to determine the quan-
titative significance of major early diagenetic processes for
the production and consumption of DIC and alkalinity, as
well as their benthic fluxes in coastal ocean sediments, for
both present-day conditions and in response to coastal ocean
eutrophication and acidification scenarios. To this end, a one-
dimensional (1-D) reactive transport model (RTM) of ben-
thic organic carbon and inorganic carbon dynamics is pre-
sented. We simulate organic carbon oxidation pathways, re-
oxidation of reduced nitrogen, iron and sulfur compounds,
pore water acid-base equilibria, and dissolution of particu-
late inorganic carbon (calcite, aragonite, and Mg-calcite). In
addition, we distinguish between four different carbonate en-
vironments and a number of distinct environmental sub-units
that are characterized by different biogeochemical drivers.
The RTM is then applied to quantify the impact of early dia-
genetic reactions on the dissolution of three carbonate phases
(calcite, aragonite, and a 15 % Mg-calcite) and the benthic
DIC and alkalinity fluxes for each of the identified carbon-
ate environments. We also provide a first-order estimate of
the global alkalinity and DIC fluxes from marine sediments
to the shallow coastal zone by extrapolating our regional re-
sults to the scale of the global coastal ocean. Furthermore,
we assess the sensitivity of benthic DIC and alkalinity fluxes
in each environment to uncertainties associated with the ben-
thic iron and sulfur cycles. Finally, we explore the response
of DIC and alkalinity fluxes to changes in organic and in-
organic carbon deposition fluxes due to eutrophication and
ocean acidification, respectively.
2 Methods
2.1 Model environments
The coastal ocean is one of the most complex and hetero-
geneous aquatic environments in the Earth system. One way
to deal with this heterogeneity is to propose a classification
of the coastal ocean into different environments with broadly
similar characteristics, organized according to series of hier-
archically related system levels (Table 2). Each hierarchical
level describes a level of organization that controls DIC and
alkalinity fluxes at a specific spatial scale. Processes at higher
levels have a direct influence on lower level characteristics,
and smaller scales are nested within larger scales.
At the highest hierarchical level (Level I), the coastal
ocean can be divided into distinct environments, each char-
acterized by a distinct mode of carbonate production and
accumulation (input control). Here, we follow the well-
established classification proposed by Milliman and Drox-
ler (1996) into four different types of shallow-water carbon-
ate environments: reefs, banks and bays, carbonate shelves,
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Table 2. Hierarchical classification scheme (see text for details).
Controlling Factor Characteristics Scenarios
Level I Mode of carbonate JPIC 1 Reefs
Production/accumulation 2 Banks & embayments
3 Carbonate shelve
4 Non-carbonate shelves
Level II Carbonate dissolution JPOC, O2, NO3, SO4 1 Globally averaged conditions for reefs
2 Globally averaged conditions for
banks & embayments
3 Globally averaged conditions for
carbonate shelves
4 Globally averaged conditions for non-
carbonate shelves
Level III Local variability water depth master variable 1 Average water depth 25 m
for variability in 2 Average water depth 25 m
JPOC, JPIC, O2, NO3, 3 25, 75, 150 m
SO4, w, α, Db 4 25, 75, 150 m
and non-carbonate shelves. Reefs comprise coral reefs and
lagoons and show the highest carbonate production on an
area basis in the present-day ocean. Accumulated carbonates
mainly originate from corals and algae and, locally, also from
foraminifera (e.g., Milliman, 1993). Banks and embayments
encompass tropical and sub-tropical, littoral and sub-littoral
environments that are characterized by high rates of carbon-
ate production and accumulation, sustained by benthic algae,
mollusks, benthic foraminifera and locally also bryozoans
and serpulids (e.g., Stockman et al., 1967; Boscence et al.,
1985). In contrast to the reef and bank environments, the
production and accumulation of carbonates on continental
shelves have certainly not been surveyed to the same extent.
We use the same divisions as Milliman and Droxler (1996) in
dividing the continental shelf according to its carbonate con-
tent into carbonate and non-carbonate shelves . In these en-
vironments, carbonate production is generally supported by
benthic and pelagic production, as well as relict components,
such as oysters, ooids and dead coral reefs (e.g., Milliman,
1993 and references therein).
At the next hierarchical level (Level II), the environmental
units identified above should be further subdivided into re-
gions that are characterized by similar controls on carbonate
dissolution. Previous research has shown that organic mat-
ter degradation exerts a dominant control on benthic carbon-
ate dissolution through the production of metabolic carbon
dioxide, the associated lowering of the pore water pH and,
thus, the saturation state (e.g., Jahnke et al., 1994). In this
context, the magnitude and quality of the organic matter de-
position flux is a fundamental control factor of the carbon-
ate dissolution fluxes. In addition, anoxic degradation path-
ways generally produce alkalinity and, therefore, favor car-
bonate preservation or even precipitation. Thus, the bottom
water concentrations of the dominant terminal electron ac-
ceptors O2, NO3 and SO4 are additional control factors on
carbonate dissolution, since they determine the relative con-
tribution of aerobic and anaerobic decomposition pathways.
However, the spatial variability in the magnitude and quality
of the organic matter deposition flux remains extremely dif-
ficult to assess, since coastal fluxes generally represent a dy-
namic mixture of organic matter from terrestrial, lateral and
in situ sources (e.g., Mollenhauer and Eglinton, 2007; Mol-
lenhauer et al., 2005). This lack of quantitative understand-
ing about the fate of coastal organic matter is also reflected
in the large variability in the global estimates of organic mat-
ter deposition fluxes for seafloor depths between 0 and 200 m
(16–183 Tmol C yr−1, Table 1) and in model-derived degra-
dation rate constants (Arndt et al., 2011).
Therefore, further regionalization based on organic mat-
ter and redox criteria is not achievable at this stage
and we choose to extract average environmental condi-
tions for each of the four environmental units selected
at Level I only. Values are either extracted from the lit-
erature or derived from the 1◦ dataset of the Levitus94
database (NOAA World Ocean Atlas 1994, available online
at http://iridl.ldeo.columbia.edu/). This simplified approach
can be seen as a first step towards a better regional classifica-
tion of the coastal ocean in terms of the dominant controls on
carbonate chemistry. It also implies that our results only pro-
vide a first-order global estimate of DIC and alkalinity fluxes
for the coastal ocean.
On a local scale, depositional fluxes, bottom water concen-
trations and transport parameters often show a strong cor-
relation with water depth (e.g., Soetaert et al., 2002; Ep-
ping et al., 2002). Pressure, and thus water depth, also di-
rectly affects the solubility products of the various carbon-
ate phases. Water depth is thus used at Level III of our clas-
sification, and we assume an average value of 25 m for the
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reefs, and the banks and bays. The shelves are further subdi-
vided into three depth ranges: 0–50 m, 50–100 m, and 100–
200 m. These depth intervals contribute 41, 31, and 28 % of
the global coastal seafloor area shallower than 200 m, re-
spectively, based on the data of Smith and Sandwell (1997)
extracted from a ∼ 12 min regridding from 72◦ N to 72◦ S,
accessed online at http://www.grdl.noaa.gov/cgi-bin/bathy/
bathD.pl.
2.2 Model approach
A 1-D reactive transport model for coastal sediments is
developed using the Biogeochemical Reaction Network
Simulator (Regnier et al., 2002; Aguilera et al., 2005),
which has previously been used to simulate mixed kinetic-
equilibrium reaction networks describing early diagenesis
(e.g., Jourabchi et al., 2005; Thullner et al., 2005). The ver-
tical concentration fields in the sediment are modeled using
the 1-D advection-diffusion-reaction equations:
ϕ
∂Ci
∂t
= −∂(ωϕCi)
∂x
+ ∂
∂x
{
(Db +Di)∂(ϕCi)
∂x
}
+αi (Ci0 −Ci)+
∑
Ri(1)
and
(1−ϕ) ∂Ci
∂t
= −∂(ω(1−ϕ)Ci)
∂x
+ ∂
∂x
{
Db
∂((1−ϕ)Ci)
∂x
}
+
∑
Ri (2)
for solutes and solid-bound species, respectively. In the
above equations, x is depth below the sediment–water inter-
face (cm), and
ϕ= porosity [ ] (assumed to be constant in time),
ω= sediment burial velocity [cm yr−1],
Ci = concentration of species i at depth x and time t
[µmol cm−3],
Ci0 = concentration of i at sediment–water interface
[µmol cm−3],
Db = bioturbation coefficient [cm2 yr−1],
Di =molecular diffusion coefficient of solute species i
[cm2 yr−1],
αi = non-local bioirrigation coefficient [yr−1], and
6Ri = net rate of all reactions involving species i
[µmol cm−3 yr−1].
A discretized version of Eq. (1) is solved with an operator
splitting approach for the transport and reaction terms. So-
lute transport is discretized using the Crank–Nicholson algo-
rithm, while for solids and sorbed species (Eq. 2) a flux lim-
iting total variation diminishing scheme is used (e.g., Reg-
nier et al., 1998). The reaction term is cast as a set of differ-
ential algebraic equations (DAEs) and solved using a New-
ton algorithm (for further details, see Aguilera et al., 2005;
Centler et al., 2010). A 5× 10−6 yr time step is imposed for
transient simulations that are run until steady state (generally
200–400 simulation years are required for the concentration
profiles to adjust to their final configurations from arbitrary
initial profiles. This is approximately the time required to
advect the solid phase through the modeling domain.). The
modeled sediment thickness is 50 cm, discretized in 116 ir-
regularly spaced nodes. Node spacing varies from 0.1 cm at
the sediment–water interface to 2 cm at the base of the mod-
eled sediment column.
2.3 Transport
The choice of transport parameters is guided by empirically
determined global values or global relationships proposed
in the literature. The sediment advection (burial) rate (ω,
cm yr−1 at the sediment–water interface (SWI)) and biotur-
bation coefficient (Db0) are obtained from the global depth
relationships proposed by Middelburg et al. (1997):
ω = 3.3× 10(−0.87478367−0.00043512·SFD) (3)
Db0 = 5.2× 10(0.76241122−0.00039724·SFD), (4)
where SFD is the seafloor depth in meters.
A global average bioturbation depth of 10 cm in marine
sediments (Boudreau, 1994) is assumed for all environments
and water depths. A complementary error function is used
to attenuate the bioturbation coefficient with depth. Thus at
10 cm, Db is 50 % of the value at the SWI. At 15 cm, it is 4 %
of the value at the surface. An exponential decay function is
imposed for the porosity (ϕ) depth profile (Wang and Van
Cappellen, 1996):
ϕ(x)= 0.75+ 0.1e−0.15x . (5)
Diffusion coefficients for the dissolved species are cor-
rected for temperature and sediment porosity according to
Boudreau (1996). Bioirrigation intensity is assumed to de-
crease exponentially with depth in the sediment:
α(x)= α0 · e(−x/xirr) (6)
where α0 is the bioirrigation coefficient at the sediment–
water interface (yr−1), and xirr is a depth attenuation coef-
ficient (cm). The value of xirr is set to 3.5 cm, while α0 is
estimated following Thullner et al. (2009).
Some of the dissolved oxygen that is transported into the
sediment via bioirrigation will oxidize reduced iron in the
vicinity of burrows. The iron (oxy)hydroxide precipitates
sorb aqueous phosphate (e.g., Spiteri et al., 2008), hence re-
ducing the apparent irrigational transport of phosphate. Berg
et al. (2003) and Meile et al. (2005) showed that effective
bioirrigation rates differ widely among chemical species de-
pending on their behavior at burrow walls. For instance, ac-
cording to Berg et al. (2003), α ≈ 0 for Fe2+. Rather than
www.biogeosciences.net/10/371/2013/ Biogeosciences, 10, 371–398, 2013
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Table 3. Kinetic and equilibrium reactions, and generation of DIC and AT.
Reaction DIC AT
Hydrolysis
(R1, R2) 1106 (CH2O)106(NH3)16(H3PO4)+ 15106 H+→CH2O+ 16106 NH+4 + 1106 H2PO−4 0 +0.14
Primary redox reactions
(R3) CH2O+O2 →CO2 +H2O +1 0
(R4) CH2O+ 0.8 NO−3 + 0.8 H+→CO2 + 0.4 N2 + 1.4 H2O +1 +0.8
(R5) CH2O+ 4 Fe(OH)3 + 8 H+→CO2 + 4 Fe2++ 11 H2O +1 +8
(R6) CH2O+ 12 SO2−4 + 12 H+→CO2 + 12 HS−+H2O +1 +1
Secondary redox reactions
(R7) 12 NH+4 +O2 → 12 NO−3 + 12 H2O+H+ 0 −1
(R8) 4 Fe2++O2 → 4 Fe(OH)3 + 8 H+ 0 −8
(R9) 12 HS−+O2 → 12 SO−4 + 12 H+ 0 −1
(R10) 12 FeS+O2 → 12 Fe2++ 12 SO2−4 0 0
PIC dissolution
(R11) CaCO3 (calcite)→Ca2++CO2−3 +1 +2
(R12) CaCO3 (aragonite)→Ca2++CO2−3 +1 +2
(R13) Ca0.85Mg0.15CO3 → 0.85 Ca2++ 0.15 Mg2++CO2−3 +1 +2
Other kinetic reactions
(R14) Fe2++HS−→FeS+H+ 0 −2
(R15) FeS+H2S→H2 +FeS2 0 0
(R16) Fe2++ CO2−3 → FeCO3 −1 −2
(R17) H2S+ inert-POC→ organic-S 0 0
Equilibria
H2CO3∗↔H++HCO−3
HCO−3 ↔H++CO2−3
H2O↔H++OH−
H2S↔H++HS−
B(OH)3 +H2O↔H++B(OH)−4
Fe(OH)3 +H2PO−4 ↔ iron-sorbed-P
H2PO−4 ↔ sorbed-P
Fe2+↔ sorbed-Fe
NH+4 ↔ sorbed-NH4
Reaction numbers for reference to Tables 2 and 3.
DIC – mol of DIC generated or consumed for the reaction as written.
AT – eq. of alkalinity generated or consumed for the reaction as written.
Equilibrium reactions do not lead to any net generation of DIC or alkalinity.
modifying α (in Eq. 1), Katsev et al. (2007) reduced the lo-
cal concentrations of Fe2+ and phosphate by a factor of 0.1
to account for reduced bio-irrigation. Here, we chose to mul-
tiply α calculated according to Eq. (6) by 0.01 for Fe2+ and
H2PO−4 . This corresponds roughly to the ratio of the depth-
integrated α value for Fe2+ to that of solutes such as O2 or
NH+4 in Meile et al. (2005).
2.4 Reactions
2.4.1 POC hydrolysis (R1–2)
Organic matter in the sediments is assumed to have Red-
field stoichiometry: (CH2O)106(NH3)16(H3PO4) (Table 3,
R1 and R2). Organic matter degradation is modeled as a
two-step process. It is first hydrolyzed to yield dissolved
organic carbon (DOC), ammonia and phosphate. Hydroly-
sis rates are assumed to exhibit a first-order dependence on
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the concentrations of the reactive POC pools. Ammonia re-
leased during POC hydrolysis is protonated to ammonium
(NH+4 ), while phosphate is released as dihydrogen phosphate
(H2PO−4 ), the predominant form under typical pore water pH
conditions. The hydrolysis products (represented as DOC)
are treated as reactive intermediates, which are oxidized via
one of the primary redox pathways (Sect. 2.3.2). The input
of POC to the sediment is assumed to consist of two reac-
tive pools and one refractory pool: 80 % of the reactive or-
ganic carbon flux (67 % of the total organic carbon flux glob-
ally) is allocated to the highly reactive POC pool, which is
hydrolyzed with a rate constant of 1 yr−1, while the other
20 % of the reactive organic carbon flux (17 % of the total
organic carbon flux) is more slowly hydrolyzed, with k= 0.1
yr−1. The reactivity, k1, of the most reactive POC fraction
is representative for phytoplankton-derived POC and falls
within the typical range of 1–10 yr−1 reported in the liter-
ature (e.g., Westrich and Berner, 1984; Henrichs and Doyle,
1986; Burdige, 1991). Aged or re-suspended organic matter
is usually less reactive, and typical values reported in the lit-
erature range between 0.1–1 yr−1 (e.g., Westrich and Berner,
1984). The third POC pool of refractory organic matter rep-
resents 16 % of the total carbon pool and is assumed to be
unreactive, k= 0.0 yr−1 on the timescales considered here. It
is not explicitly modeled, but it is included in sulfidization
reactions and in C budget estimates.
2.4.2 Primary redox reactions (R3–6)
The primary redox reactions of aerobic oxidation, denitrifi-
cation, iron reduction, and sulfate reduction are coupled to
DOC oxidation (Table 3). For the depositional conditions
considered, sulfate is never entirely exhausted when reaching
the bottom of the early diagenetic zone (x= 50 cm); hence,
methanogenesis is assumed to be of minor importance in or-
ganic matter degradation. This is consistent with observa-
tions and model results for shelf sediments receiving high
organic matter inputs which show that the depth scale for the
onset of methanogenesis is typically on the order of a cou-
ple of meters or more (e.g., Dale et al., 2008; Regnier et al.,
2011). The rates of the primary redox reactions are assumed
to exhibit a first-order dependence on the concentration of
DOC and a Michaelis–Menten-type dependence on the con-
centration of the terminal electron acceptor (Table 4). In ad-
dition, the rates of the different electron accepting pathways
are scaled by their relative cell yields (Table 4). Yield val-
ues and half-saturation constants are taken from Thullner et
al. (2005) (Table 5). The anaerobic processes are also non-
competitively inhibited by oxygen. The inhibition constant
for denitrification is set to result in 90 % inhibition when
[O2]= 63 µM (2 mg L−1), while those for iron and sulfate re-
duction lead to 90 % inhibition at [O2]= 6 µM (0.2 mg L−1).
The overall DOC oxidation rate constant k3 is common to all
primary redox pathways, aerobic and anaerobic.
Table 4. Kinetic rate laws.
Reaction
R1= kPOC1 · [POC1]
R2= kPOC2 · [POC2]
R3 = k3 ·
( [O2]
kO2+[O2]
)
· [CH2O]
R4 = k3 ·
(
YNO3
YO2
)
·
(
[NO3]
kNO3+[NO3]
)
· [CH2O] ·
(
kiNO3
kiNO3+[O2]
)
R5 = k3 ·
(
YFe
YO2
)
·
( [Fe(OH)3]
kFe+[Fe(OH)3]
)
· [CH2O] ·
(
kiFe
kiFe+[O2]
)
R6 = k3 ·
(
YSO4
YO2
)
·
( [SO4]
kSO4+[SO4]
)
· [CH2O] ·
(
kiSO4
kiSO4+[O2]
)
R7= kNitrif · [NH+4 ] · [O2]
R8= kFeOx · [O2] · [Fe2+]/[H+]2
R9= kSulfOx · [O2] · ([HS−]+ [H2S])
R10= kFeSOx · [FeS] · [O2]
R11= kCal (1−Cal)nCal Cal < 1
R12= kAra (1−Ara)nAra Ara < 1
R13= kMg−cal (1−Mg−cal)nMg−cal nMg−cal < 1
R14= kFeS ·
( [Fe2+]·[HS−]
[H+]·KsFeS − 1
)
R14≥ 0
R15= kPyr · [FeS] · [H2S]
R16= kFeCO3 ·
( [Fe2+]·[CO2−3 ]
KsFeCO3
− 1
)
R16≥ 0
R17= kOrgS · [inert-POC] · [H2S]
2.4.3 PIC dissolution (R11–13)
The rates of dissolution of the PIC phases are computed using
Rdissolution = k · (1−)n ·C (7)
where C is the concentration of the PIC phase and , the
saturation state, is given by
= [Ca2+] · [CO2−3 ]/KSP∗ for calcite and aragonite, and
= [Ca2+]0.85 · [Mg2+]0.15 · [CO2−3 ]/KSP∗ for 15 % Mg-
calcite.
The stoichiometric solubility products (KSP∗) of calcite
and aragonite are calculated as a function of temperature,
pressure and salinity according to Millero (1995), and the
apparent solubility product of 15 % Mg-calcite in seawa-
ter is assumed to be 21 % greater than that of aragonite,
based on the findings of Morse et al. (2006). The kinetic
parameters k and n for calcite, aragonite and 15 % Mg-
calcite are obtained from Walter and Morse (1985) using
Balanus, Halimeda, and Peneroplis data, respectively. The
experimentally-determined rate constants k are multiplied by
a factor 0.1 to account for the effects of inhibitors, surface
poisoning and coatings that are likely to reduce the dissolu-
tion kinetics of PIC in natural sediments.
Pore water calcium concentrations are explicitly com-
puted, while the concentration of pore water magnesium is
expected to vary little, and is kept constant at the average
seawater value of 53 mM. Although pore waters may be
oversaturated with respect to one or more CaCO3 phases, in
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Table 5. Selected parameters for kinetic equations.
Parameter Value Units Note
kPOC1 1 yr−1
kPOC2 0.1 yr−1
kPOC3 0 yr−1
kO2 20 µM a
kNO3 5 µM a
kFe 1 µmol/g a
kSO4 1600 µM a
YNO3 /YO2 0.75 – a
YFe/YO2 0.25 – a
YSO4 /YO2 0.2 – a
kiNO3 7 µM of O2 b
kiFe 0.7 µM of O2 b
kiSO4 0.7 µM of O2 b
kNitrif 10 000 mM−1 yr−1 c
kFeOx 3.6 · 10−6 mM yr−1 d
kSulfOx 320–320 000 mM
−1 yr−1 e
kCal 40 mM−1 yr−1 f
nCal 2.74 – f
kAra 110 mM−1 yr−1 f
nAra 2.43 – f
kMg-cal 58 mM−1 yr−1 f
nMg-cal 3.61 – f
kFeS 0.005 µmol cm−3 yr−1 c
KsFeS 6.3 µmol cm−3 c
kPyr 60 cm3µmol−1 yr−1 g
kOrgS 0.0002 cm3µmol−1 yr−1 g
a Thullner et al. (2005).
b Wang and Van Cappellen (1996).
c Jourabchi et al. (2005).
d Adjusted for T and seawater from Stumm and Morgan (1996).
e See Sect. 2.7.1.
f Recalculated from Walter and Morse (1985).
g Dale et al. (2009).
situ precipitation of non-biogenic CaCO3 in sediments is be-
lieved to be of limited importance, relative to dissolution, due
to inhibition by organic compounds and magnesium (Morse
and Mackenzie, 1990; Morse and Mucci, 1984). As a result,
carbonate precipitation is not included in the reaction net-
work.
2.4.4 Other reactions
Dissociations of H2O, H3BO3, H2S, H2CO3 and HCO−3 are
modeled as equilibrium reactions. The apparent equilibrium
constants are adjusted for salinity, temperature and pressure
according to Millero (1995). Secondary redox reactions (i.e.,
reoxidation reactions of reduced by-products of organic mat-
ter degradation) are also considered. The reactions included
are the oxidation of ammonia, hydrogen sulfide, iron sulfides
and ferrous iron by oxygen (R7–10). Iron sulfide precipita-
tion and its conversion to pyrite are included in the reaction
network, as is iron carbonate precipitation (R14–16).
Soluble ferrous iron, ammonium, and phosphate are as-
sumed to adsorb non-specifically to solids. Specific phos-
phate sorption onto ferric iron phases is also modeled. The
sorbed-P, sorbed-NH+4 , sorbed-Fe(II) and iron(III)-sorbed-P
are treated as solid-bound constituents in equilibrium with
the pore water phase. Finally, refractory organic matter,
which is not otherwise modeled, is assumed to react with sul-
fide during the process of sulfurization (R17).
2.5 Boundary conditions
2.5.1 Baseline scenario
The published estimates of global carbon (POC and PIC)
deposition and burial fluxes are summarized in Table 1. In
the absence of a robust regionalization of POC fluxes for the
global coastal ocean, the degradable POC fluxes for the car-
bonate shelves, non-carbonate shelves, and banks and bays
are estimated using the depth relationship for the benthic
oxygen consumption of coastal sediments by Soetaert et
al. (2002):
JPOC = 40.61 ·SFD−0.571 (8)
where JPOC is the degradable POC flux in mol C m−2 yr−1.
Thus, the reactive POC deposition fluxes for the 25 m, 75 m,
and 150 m shelf depths are 6.5, 3.5, and 2.3 mol C m−2 yr−1,
respectively (Table 6a) For the banks and bays environment,
the reactive POC flux calculated from Eq. (8) assuming 25 m
SFD (= 6.5 mol C m−2 yr−1) is also used. The imposed re-
active POC deposition flux for reefs, 5.2 mol C m−2 yr−1,
corresponds to the estimated average net primary produc-
tivity of coral reef ecosystems (Hatcher, 1990). When in-
tegrated over the total surface area of the coastal ocean
(SFD≤ 200 m), the resulting global reactive POC flux esti-
mate is 117.5 Tmol yr−1. This value falls within the range of
published values for global coastal POC deposition flux (16
to 183 Tmol yr−1), but is somewhat higher than the average
value (101 Tmol yr−1) of all the studies reported in Table 1.
In addition, estimates of the average global POC burial in
coastal sediments (Table 1) indicate that global coastal sedi-
ments receive an additional 18.4 Tmol yr−1 of POC that is re-
fractory on the considered time scale. The total global coastal
POC deposition flux thus amounts to 136 Tmol yr−1. A ma-
jor source of uncertainty for the DIC and alkalinity fluxes is
the very limited number of studies that provide estimates of
global coastal PIC deposition fluxes (Table 1). The PIC de-
position fluxes are taken from Milliman and Droxler (1996),
and range from 0.27 mol m−2 yr−1 for non-carbonate shelves
to 15 mol m−2 yr−1 for coral reefs. Published estimates for
the aragonite fraction of the carbonate export flux range from
10 % to 50 %, and may be as high as 75 % (Munhoven,
2007). On the shelves, we divide the PIC deposition flux into
35 % aragonite and 65 % calcite, based on the estimates of
pelagic PIC production by Gangstø et al. (2008). For the reefs
and banks and bays, PIC is divided into aragonite, calcite
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Table 6a. Boundary conditions, baseline case.
Environment
Parameter Carbonate shelf Non-carbonate shelf Banks and bays Reefs
Fluxes (mol m−2 yr−1)
POC 25 m 6.46 6.46 6.46 5.20
75 m 3.45 3.45
150 m 2.32 2.32
Fe(OH)3 25 m 0.038 0.038 0.038 0.038
75 m 0.036 0.036
150 m 0.033 0.033
Calcite 0.39 0.17 0.65 1.95
Aragonite 0.21 0.09 3.15 9.45
15 % Mg-calcite 0 0 1.20 3.60
Concentrations (mM)
O2 0.195 0.195 0.195 0.195
NO−3 a 25 m 0.005 0.005 0.005 0.005
75 m 0.008 0.008
150 m 0.012 0.012
SO2−4 28 28 28 28
H2PO−4 0.001 0.001 0.001 0.001
Ca2+ 10 10 10 10
AT 2.306 2.306 2.306 2.306
DICa 25 m 2.022 2.022 2.022 2.022
75 m 2.068 2.068
150 m 2.138 2.138
CO2−3 25 m 0.201 0.201 0.201 0.215
75 m 0.170 0.170
150 m 0.124 0.124
Temperature (◦C) 25 m 14.34 14.34 9.91 27.6
75 m 11.63 11.63
150 m 7.57 7.57
pH (free scale) 25 m 8.27 8.27 8.27 7.95
75 m 8.19 8.19
150 m 8.04 8.04
bAragonite 25 m 2.98 2.98 2.98 3.19
75 m 2.55 2.55
150 m 2.01 2.01
a Nitrate and DIC concentrations determined from SFD correlations found in GLODAP database:
[NO3] (mM)= 0.003734+ 0.0000584 ·SFD (r2 = 0.250, p < 10−195)
[DIC] (mM)= 1.9992+ 0.0009220 ·SFD (r2 = 0.262, p < 10−5)
b Aragonite calculated from Millero (1995) using pressure, salinity, and the following temperature correlation extracted from the
Levitus94 database:
Temp (◦C)= 15.69− 0.054 ·SFD (r2 = 0.098, p < 10−42)
and 15 % Mg-calcite in the ratios 63 : 13 : 24 (Land, 1967).
The PIC flux in a given coastal environment is assumed to
be independent of SFD (Table 6a). The Koeve (2002) rela-
tionship of the POC : PIC ratio with depth in the Atlantic
Basin (POC : PIC= 64.3 ·SFD−0.56), when combined with
the Soetaert POC deposition flux relationship (Eq. 8), re-
sults in a nearly depth-independent relationship for the PIC
flux (= 0.63 ·SFD−0.011 mol m−2 yr−1), which is very close
to Milliman and Droxler’s (1996) estimate for PIC deposi-
tion on carbonate shelves (0.60 mol m−2 yr−1). Note that our
globally integrated PIC deposition flux for the coastal zone
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Table 6b. Boundary pH and Aragonite for DIC sensitivity tests.
Environment
Parameter Carbonate shelf Non-carbonate shelf Banks and bays Reefs
+2.5 % DIC
pH 25 m 8.18 8.18 8.18 7.86
75 m 8.08 8.08
150 m 7.90 7.90
Aragonite 25 m 2.55 2.55 2.55 2.85
75 m 2.10 2.10
150 m 1.47 1.47
+5 % DIC
pH 25 m 8.07 8.07 8.07 7.76
75 m 7.95 7.95
150 m 7.74 7.74
Aragonitea 25 m 2.07 2.07 2.07 2.34
75 m 1.63 1.63
150 m 1.05 1.05
a Aragonite calculated from Millero (1995) using pressure, salinity, and the following temperature correlation extracted from
the Levitus94 database:
Temp (◦C)= 15.69− 0.054 ·SFD (r2 = 0.098, p < 10−42)
is also in agreement with the value used by Andersson et
al. (2005; Table 1).
Raiswell (2006) estimated the global delivery of highly re-
active iron to the shelves to be 53 Tg yr−1, primarily from
rivers, atmospheric dust, and diagenetic recycling. Dividing
by the shelf area, this gives an average deposition flux of
0.036 mol Fe m−2 yr−1, which we scale with the sediment
burial rate in order to estimate the reactive iron deposition in
the various environments and water depth ranges (Table 6a).
Bottom water temperature, oxygen concentration, and ni-
trate concentration are extracted from the 1◦ dataset of the
Levitus94 database. For each latitude and longitude in the
dataset, the deepest water depth with data available is taken
as representative of bottom water, and the corresponding
(temperature, oxygen or nitrate) values are inferred to be the
bottom water values. Over the 0–200 m SFD range, no sig-
nificant relationship exists between bottom water [O2] and
water depth (p> 0.05); therefore, the average oxygen con-
centration (0.195 mM) is used. Nitrate and temperature are
both water-depth–dependent (Table 6a). The average bottom
water temperature is used along with pressure to calculate
K∗SP values for aragonite and calcite (Millero, 1995) and the
apparent equilibrium constants for the dissociation of weak
acids. The global average temperature for coral reefs, 27.6 ◦C
(Kleypas et al., 2005), is used as bottom water value for the
reefs.
Analysis of the GLODAP database for sta-
tions with seafloor depths ≤ 200 m (accessed from
http://cdiac.ornl.gov/ftp/oceans/GLODAP bottle files/)
indicates that dissolved inorganic carbon (DIC) also varies
with SFD. In contrast, there is no significant correlation
between salinity or alkalinity and seafloor depth (p> 0.05),
so the average values of 34.64 (psu) and 2.306 meq L−1 are
used. The bottom water alkalinity and DIC concentrations
are used to calculate pH and partitioning of the aqueous
carbonate species (H2CO3∗/HCO−3 /CO2−3 ), using the appar-
ent equilibrium dissociation constants adjusted for depth,
salinity and temperature (Millero, 1995). Table 6a presents
the alkalinity, DIC, pH, [CO2−3 ], and aragonite saturation
imposed as bottom water boundary conditions.
The total dissolved boron concentration is estimated from
salinity according to Millero (1995). The concentrations of
SO2−4 , Ca2+ and Mg2+ at the sediment–water interface are
set to 28, 10, and 53 mM, respectively, while bottom water
[H2PO−4 ] is assumed to be 0.001 mM. The concentrations of
H2S, HS−, NH+4 , Fe2+ at the seafloor are assumed to be zero.
2.6 Benthic DIC and alkalinity flux
Because the DIC buried with pore waters is very small
(< 1 %), and in situ CaCO3 precipitation and FeCO3 precip-
itation are predicted to be minimal, the benthic DIC efflux
is essentially equal to the sum of the depth-integrated rates
of POC oxidation and PIC dissolution. For the alkalinity flux
the situation is more complicated and can be analyzed as fol-
lows.
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Assuming steady state, the alkalinity flux from the sedi-
ments, JAlk out, can be computed as
JAlk out = Alkredox +AlkPIC diss −Alkburial − 2(FeS, FeS2,
and FeCO3, OrgS)burial, (9)
where Alkredox and AlkPIC diss represent alkalinity generation
by the (primary and secondary) redox reactions and carbon-
ate dissolution, respectively (see Table 3 for individual con-
tributions), Alkburial corresponds to the alkalinity flux asso-
ciated with pore water burial, and the last term on the right-
hand side is the burial flux of reduced Fe2+ minerals and
organic sulfur (see below). For the baseline simulations, the
fraction of generated alkalinity that is buried is small and
ranges from 1.3 % at 25 m water depth to 2 % at 150 m water
depth.
The effect of removal of FeS by burial on the pore water
alkalinity balance can be expressed by writing a net reaction
for FeS generation, which combines sulfate and iron reduc-
tion (see Carignan and Tessier, 1988):
9CH2O+ 4Fe(OH)3 + 4SO2−4 + 8H+→ 4FeS+ 19H2O+ 9CO2. (10)
Similarly, the net effects of burial of FeS2, FeCO3, and OrgS
can be expressed by combining reactions (R5), (R6), and
(R14–R17):
17CH2O+ 4Fe(OH)3 + 8SO2−4 + 16H+→
4FeS2 + 17CO2 + 4H2 + 27H2O (11)
CH2O+ 4Fe(OH)3 + 3CO2 → 4FeCO3 + 7H2O (12)
2CH2O+ inert-POC+SO2−4 + 2H+→ 2CO2 + orgS+ 2H2O. (13)
As can be seen from these reaction formulas, burial of re-
duced iron and sulfur species results in a net production of
alkalinity of 4 equivalents per mol FeS2, 2 equivalents per
mol FeS, 2 equivalents per mol organically bound S(-II), and
0 equivalents per mol FeCO3.
Although the above reactions generate alkalinity, it is im-
portant to note that the burial of reduced compounds actu-
ally lowers the alkalinity generation compared to that pre-
dicted from iron reduction and sulfate reduction alone. For
example, in generating 1 mol of FeS, 2 moles of organic car-
bon are oxidized via sulfate reduction, and 14 via iron reduc-
tion (Eq. 10). If we would only consider the primary redox
reactions, iron reduction and sulfate reduction would each
produce 2 equivalents of alkalinity ( 14 R5 and 2 R6), that is,
significantly more than the 2 equivalents predicted by R12.
Since the alkalinity generation by the primary redox reac-
tions is already included in Alkredox, for the purpose of alka-
linity accounting (in terms of the contribution of individual
reactions to the flux through the SWI), the burial of reduced
iron species (FeS, FeS2, and FeCO3) actually decreases al-
kalinity generation by 2 equivalents per mol Fe2+ mineral
buried (compared to the predicted alkalinity generation in the
absence of Fe2+ mineral burial) and this contribution is thus
a sink term in Eq. (9).
A major fraction of the alkalinity efflux JAlk out is un-
der the form of reduced solute species (HS−, H2S, NH+4
and Fe2+), which tend to be short-lived when released in
oxygenated waters. Rapid reoxidation of Fe2+ near bur-
row walls and at the water–sediment interface is accounted
for by imposing a strongly reduced bioirrigation coefficient
(Sect. 2.2). Some of the dissolved iron escaping coastal sed-
iments may be exported laterally to the open ocean, where it
may fuel biological productivity (e.g., Dulaiova et al., 2009).
In addition, the fate of the benthic ammonium flux in the wa-
ter column (i.e., nitrification, export, assimilation by phyto-
plankton as ammonium or nitrate, burial in the sediment) will
have an important influence on the coastal ocean alkalinity
budget. However, because of the complexity of the problem,
a holistic assessment of the influence of the benthic ammo-
nium flux on coastal ocean alkalinity would require a cou-
pled pelagic–benthic model. Our diagenetic model approach
can only provide the flux of alkalinity through the sediment–
water interface. Based on these considerations, we hypoth-
esize that JAlk out calculated with Eq. (9) overestimates the
irreversible source of benthic alkalinity to the coastal ocean
alkalinity primarily because of the re-oxidation of free sul-
fide at or near the water–sediment interface, a very rapid re-
action (Kaplan et al., 1963; Jørgensen and Fenchel, 1974;
Jørgensen, 1978). Because the alkalinity generated when
1 mol of sulfide is produced via sulfate reduction exactly can-
cels that consumed when 1 mol of sulfide is re-oxidized to
sulfate (Table 3), combined sulfate reduction and sulfide ox-
idation potentially has no effect on water column alkalinity.
Although some reduced sulfur can be assimilated, volatilized
or exported off-shelf (Chen and Wang, 1999; Chen, 2002;
Thomas et al., 2009), it is likely that most of the model-
predicted efflux of free sulfide is efficiently oxidized at or
near the water–sediment interface. Therefore, we propose
that correcting JAlk out for the oxidation of H2S and HS−
provides a more realistic measure for the effective benthic
alkalinity flux JAlk∗ to the coastal ocean:
JAlk
∗ = JAlk out − 2 · (HS−+H2S)out, (14)
where the sulfide efflux (HS−+H2S)out is calculated directly
from the model computed diffusion and bioirrigation fluxes
of the two sulfide species. Alternatively, (HS−+H2S)out can
also be obtained from the sulfide mass balance:
(HS−+H2S)out = 12SO
2−
4 reduction−
1
2
HS−oxidation−FeS precipitation
−pyritization− sulfidization
−(HS−+H2S)burial, (15)
where
FeS precipitation= FeSburial + pyritization+ 12FeS oxidation. (16)
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Combining Eqs. (9), (14), (15) and (16), and using the sto-
ichiometries in Table 3, JAlk∗ can then be expressed as
JAlk
∗ = 8(net Fe reduction)+ 0.14 · ammonification+ 0.8 · denitrification
−nitrification+ 2(PIC dissolution)−Alkburial + 2(HS−+H2S
+orgS−FeCO3 +FeS2)burial. (17)
While Eqs. (14) and (17) are equivalent expressions of
JAlk*, the latter equation provides additional insight into the
processes that contribute to JAlk∗.
2.7 Sensitivity study
Using the 75 m water depth carbonate shelf environment as
an example, we analyze the sensitivity of benthic DIC and
alkalinity production and fluxes to a number of the “internal”
model parameters.
2.7.1 Sulfur cycle
The fate of sulfide produced in the process of organoclastic
sulfate reduction exerts an important influence on the satu-
ration state of pore waters with respect to carbonates. Sul-
fide oxidation by oxygen is often the main driver for shal-
low subsurface carbonate dissolution (Luff and Wallmann,
2003). Yet, published values for sulfide oxidation rate con-
stants range widely. For example, the kSulfOx value used by
Wang and Van Cappellen (1996) is three orders of magni-
tude greater than the value of Jourabchi et al. (2005), which
we use in the baseline scenario. We therefore test kSulfOx val-
ues equal to 10×, 100×, and 1000× the baseline value. In
addition, we explore the effect of 0.1× the baseline sulfide
bioirrigation coefficient.
2.7.2 Iron cycle
Dissimilatory iron reduction generates 8 eq alkalinity per mol
of Fe3+ reduced (Table 3), though the effect of iron reduc-
tion on sediment alkalinity generation depends on the fate
of reduced species, notably Fe2+ (see Sect. 2.5). The ben-
thic alkalinity flux will therefore be influenced by the avail-
ability of reactive iron in the sediment. However, there is
considerable uncertainty in the amount of reactive iron de-
position on coastal sediments. While Poulton and Raiswell
(2002) estimated that 388 Tg yr−1 of reactive iron are dis-
charged from rivers globally, we use the more recent estimate
of Raiswell (2006) of 52 Tg yr−1 for the combined inputs
from rivers (67 %), atmospheric dust (17 %), diagenetic re-
cycling (10 %), coastal erosion (4 %), and glaciers (2 %). The
resulting average reactive Fe(III) deposition flux is approxi-
mately 70 % lower than that used by Thullner et al. (2009)
for their 100 m water depth simulations. Here we test the ef-
fect of a doubling of the iron (oxy)hydroxide deposition flux
on the DIC and alkalinity fluxes in coastal sediments. In ad-
dition, simulations are run with 10× the baseline FeS pre-
cipitation rate constant.
2.8 Global change scenarios
2.8.1 Global coastal ocean productivity
Over the past decades, human activity has significantly ac-
celerated the supply of land-derived nutrients to the coastal
ocean. As a result, nearshore areas experience increase eu-
trophication with potentially important implications for the
global carbon cycling (e.g., Cloern, 2001; Turner and Rabal-
ais, 2003; Mackenzie et al., 2005).
For each environment, we tested a range of reactive POC
fluxes from 12.5 % to 150 % of the baseline value, to span the
range of published global coastal POC flux values and gain
insights into the response of DIC and alkalinity production
and fluxes to organic matter fluxes and eutrophication. The
sensitivity analysis then focuses on the effects of variations
in the POC deposition flux on the partitioning of organic mat-
ter degradation between the different oxidation pathways, the
fate of PIC, and benthic DIC and AT fluxes.
2.8.2 Acidification scenario
Ocean acidification is likely to affect biocalcification rates
(Andersson et al., 2011; Orr et al., 2005) thereby potentially
affecting the PIC depositional flux to coastal sediments. Be-
cause the non-carbonate shelf boundary conditions are iden-
tical to those of the carbonate shelves, except for the 56 %
lower PIC deposition flux, we use the baseline non-carbonate
shelf model outputs to represent the carbonate shelves under
decreased PIC deposition. Decreased PIC deposition in the
non-carbonate shelves, reefs, and banks and bays is modeled
by imposing a decrease of the PIC deposition flux by 44 %
relative to the baseline PIC flux. This decrease in PIC de-
position approximately equals the decrease predicted by the
year 2100 for the most extreme case considered by Anders-
son et al. (2005).
The effect of increasing seawater DIC due to increasing at-
mospheric CO2 is also tested. Alkalinity and temperature are
kept constant, and the carbonate system is recalculated for
2.5 % and 5 % increases in DIC, leading to a drop in bottom
water pH of 0.11 and 0.24 pH units, respectively (Table 6b).
In all cases, the water column remains oversaturated with re-
spect to the carbonate mineral phases considered.
Although modeling water column carbonate chemistry and
ocean–atmosphere CO2 exchange is beyond the scope of
this work, it is useful to estimate the magnitude of the at-
mospheric CO2 increase that is needed to produce the im-
posed changes in the bottom water carbonate system. If the
coastal surface water alkalinity, the differences in tempera-
ture and DIC between bottom and surface waters, and the
surface water undersaturation with respect to atmospheric
CO2 observed in the GLODAP dataset all remain constant,
the baseline, +2.5 %, and +5 % bottom water DIC scenar-
ios correspond to 369, 495, and 686 ppm atmospheric CO2,
respectively. These values are close to the atmospheric CO2
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Fig. 1. (a) Redox reactions depth profiles, 75 m carbonate shelf, baseline POC flux. Total POC oxidation (—), aerobic C oxidation (—),
denitrification (- - -), iron reduction (.....), sulfate reduction (- - -), nitrification (– · – ·), Fe(II) oxidation (+), and sulfide oxidation (
 
 
  
 
  
).
(b) Porewater pH depth profile, 75 m carbonate shelf. 25 % (– · – ·), 50 % (- - -), 100 % (—), and 150 % (.....) of baseline POC flux. (c) Pore-
water DIC and AT, baseline POC flux, 75 m carbonate shelf. AT (- - -) and DIC (—). (d) Calcite saturation state ( ) depth profile, 75 m
carbonate shelf, baseline POC flux. Baseline seawater DIC (—) and ocean acidification scenario +5 % DIC (....).
concentrations predicted for the years 2000, 2050, and 2100,
respectively, for the IS92a scenario (Joos et al., 1999).
3 Results and discussion
3.1 DIC and alkalinity production and fluxes in the
global coastal ocean: baseline scenario
In Sects. 3.1.1–3.1.4, we quantify DIC and alkalinity gen-
eration within the sediment due to POC oxidation and PIC
dissolution; in Sect. 3.1.5, we quantify their fluxes through
the sediment–water interface.
3.1.1 Organic matter degradation: DIC production
The baseline simulations reproduce the typical vertical re-
dox stratification observed in aquatic sediments, with aerobic
carbon oxidation occurring nearest the water–sediment inter-
face, followed by denitrification, iron reduction, and sulfate
reduction (Fig. 1a). In the early diagenetic scenarios consid-
ered here, the degradable POC is consumed within the top
20 cm of sediment, and pore water sulfate never drops below
10 mM. The distribution of organic carbon oxidation over the
various primary redox pathways is shown in Fig. 2a, for the
baseline scenario simulations. Because for each mole of or-
ganic C oxidized 1 mol of DIC is produced, the figure also
shows the contribution of the primary respiration processes
to DIC generation.
The total DIC production is determined by the im-
posed reactive POC deposition fluxes, which range from
6.46 mol C m−2 yr−1 for the banks and bays and the 25 m
water depth shelf environments to 2.32 mol C m−2 yr−1 for
the 150 m shelf depth. Aerobic respiration accounts for 12 %
(25 m water depth shelves, and banks and bays) to 16 %
(150 m water depth shelves) of total organic C oxidation,
while denitrification and iron reduction account for 2–5 %
and 0.3–0.7 % of carbon oxidation, respectively. Sulfate re-
duction is the main respiratory pathway. For the 25 m wa-
ter depth shelves and the banks and bays, sulfate reduction
explains 85 % of organic C oxidation, while at 150 m water
depth, 77 % of C oxidation is coupled to sulfate reduction.
3.1.2 Carbonate dissolution: DIC production
Carbonate mineral dissolution in shallow sediments is driven
by POC mineralization and the resulting CO2 production
(Morse and Mackenzie, 1990). The model simulations pre-
dict that pH decreases with depth below the sediment–water
interface as a result of CO2 generation. Figure 1b illustrates
the evolution of pH with depth for the 75 m carbonate shelf
environment: pH decreases monotonically from 8.1 at the
SWI to 6.8 at depths greater than 15 cm. This baseline pH
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profile can be considered representative except simulations
with significantly lower POC flux where pH reaches a lo-
cal minimum below the SWI before peaking again at a few
cm (pH rise due to iron reduction), and finally decreasing at
depth (Fig. 1b). Thus, the model yields pH values well within
the pH range observed in coastal marine sediments. Porewa-
ter alkalinity and dissolved inorganic carbon increase with
depth (Fig. 1c). Despite this increase in DIC, [CO2−3 ] de-
creases because of the decrease in pH, resulting in a decrease
in CaCO3 saturation with depth in the sediment (Fig. 1d).
The point where the pore water becomes undersaturated de-
pends on the imposed boundary conditions. The relationship
between POC oxidation and PIC dissolution is further com-
plicated by the presence of three CaCO3 phases with differ-
ing solubilities and dissolution kinetics. As a result, no sim-
ple relationship emerges between the PIC : POC deposition
ratio and PIC dissolution: each PIC phase needs to be con-
sidered separately. Overall, the sediment depth-resolved sat-
uration state calculations are in line with the observations of
Mucci et al. (2000) who reported a rapid decrease with depth
of pore water saturation state with respect to aragonite, and
occasionally with respect to calcite, in continental sediments
of the eastern Canadian continental margin.
For the shallow environments containing Mg-calcite
(reefs and banks and bays), dissolution of this most sol-
uble phase begins when the POC deposition flux exceeds
∼ 0.8 mol C m−2 yr−1 (Fig. 3a). Beyond this point, the depth-
integrated dissolution rate of Mg calcite increases linearly
with additional POC deposition. For the shelves (which do
not include Mg-calcite), aragonite will begin to dissolve
when the POC flux exceeds ∼ 0.5 mol C m−2 yr−1, and then
increase linearly with additional POC deposition, until all
aragonite is exhausted on the carbonate and non-carbonate
shelves; at this point the dissolution flux equals the imposed
deposition flux of aragonite (Fig. 3b). For the reefs, there
is minimal aragonite dissolution, as the sediment is buffered
by Mg-calcite dissolution, which commences when the POC
flux is greater than 0.8 mol C m−2 yr−1. In the banks and
bays environment, some aragonite dissolution is observed
at the highest POC fluxes. Calcite dissolution is not ob-
served for the reefs or banks and bays environments (Fig. 3c).
While calcite is never completely dissolved on the carbon-
ate shelves, complete dissolution occurs at the highest POC
loadings for the 25 m water depth non-carbonate shelves.
Assuming a dry sediment density of 2.5 g cm−3, the
model-predicted average PIC content of coastal sediments
at 20 cm below the SWI (the depth by which the vast ma-
jority of reactive POC is degraded) is 0.4 % for the non-
carbonate shelves, 2.2 % for the carbonate shelves, 26 %
in banks and bays, and 90 % below reefs. The correspond-
ing PIC contents are 0, 0.26, 3.1, and 11 wt % C, respec-
tively. In the baseline simulations, on average 45 % of the
deposited PIC is dissolved on carbonate shelves, 76 % on
non-carbonate shelves, 16 % in banks and bays, and 4 % in
reef environments (Fig. 2a). Although the model assumes
that PIC deposition does not depend on SFD within the
coastal zone (Sect. 2.4.1), the bottom water carbonate satura-
tion state () decreases with water depth while metabolically
induced PIC dissolution also decreases with water depth,
due to decreased POC deposition flux. The net result is that
the model-predicted PIC concentrations are higher at greater
seafloor depth on the shelves (0.22 % Cinorg at 25 m water
depth vs. 0.30 % Cinorg at 150 m water depth for carbon-
ate shelves), because of lower dissolution. For comparison,
Mucci et al. (2000) report PIC concentrations on the order
of 0.4–0.9 wt % Cinorg in sediments accumulating between
230 to 360 m water depth on the continental shelf of eastern
Canada.
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The production of DIC from PIC dissolution is signifi-
cantly smaller than that due to POC mineralization (Fig. 2a).
Carbonate dissolution represents 3.2–7.8 % of the total DIC
generated in non-carbonate shelf sediments (depending on
SFD), 4.6–9.5 % of total DIC production in carbonate shelf
sediments, and 11 % and 10 % of DIC production in sedi-
ments of banks and bays and reefs, respectively.
3.1.3 Organic matter degradation: alkalinity
production
Except for organic carbon oxidation coupled to aerobic respi-
ration, the primary redox reactions generate alkalinity, while
secondary redox reactions generally consume alkalinity (Ta-
ble 3). On a per mole basis, oxidation of reduced iron (R8 in
Table 3) consumes exactly the amount of alkalinity generated
by iron reduction (R5); hence, in Fig. 2b net iron reduction
(=R5–R8) is reported. We further define net sulfate reduc-
tion as sulfate reduction (R6) minus sulfide oxidation (R9)
and FeS oxidation (R10). Although the latter reaction (R10)
by itself does not consume alkalinity (Table 3), precipitation
of FeS (R14) results in the production of 2 fewer alkalinity
equivalents than would be expected from the iron and sul-
fate reduction reactions (see Sect. 2.5); therefore, HS− that
combines with Fe2+, but which is subsequently re-oxidized
to sulfate, consumes the same amount of alkalinity as if it
were oxidized directly from the aqueous form (R9).
The effect of the nitrogen cycle on sediment alkalinity
production is slightly more complicated. First, denitrifica-
tion (R4) is a source of alkalinity. Second, ammonification
during hydrolysis (Sect. 2.3.1) also generates alkalinity, (R1,
R2) but, if followed by nitrification (R7), the coupled process
becomes a net alkalinity sink. That is, if all NH+4 generated
by ammonification is nitrified, 0.16 equivalent of alkalinity
would be consumed per mole of POC hydrolyzed. In what
follows, we therefore opt to separately report the alkalinity
production due to net ammonification (ammonification – ni-
trification) and denitrification.
Net sulfate reduction is by far the greatest contributor
(70–82 %) of in situ alkalinity generation (Fig. 2b). Net am-
monification contributes 4.2–9.0 % of the overall alkalinity,
while denitrification yields 1.4–3.6 % and net iron reduction
1.0–2.8 %. The relative contribution of sulfate reduction is
greatest at the shallow water depths, where reactive POC de-
position is higher. Ammonification is directly proportional to
the POC deposition flux, decreasing with water depth. De-
spite the fact that the percentage of C oxidized via nitrate
reduction increases with water depth, the overall amount of
denitrification decreases along with the decrease in reactive
POC flux with depth. Alkalinity production by net iron re-
duction is dictated by the reactive iron influx, which we scale
to sedimentation rate, and hence it decreases (in absolute
value) with water depth.
3.1.4 Carbonate dissolution: alkalinity production
Carbonate mineral dissolution is the second largest contrib-
utor after sulfate reduction to in situ alkalinity generation
(Fig. 2b). It accounts for 6 to 20 % of alkalinity production.
It is highest in sediments from reefs and banks and bays,
the two environments for which Mg-calcite is included as
a carbonate mineral phase. In the baseline scenario, arago-
nite dissolves completely in sediments of carbonate and non-
carbonate shelves (Fig. 2a). Depending on seafloor depth,
dissolution consumes 60–70 % of deposited calcite on the
non-carbonate shelves, and 8–25 % on the carbonate shelves.
In sediments from banks and bays, 61 % of deposited Mg-
calcite dissolves, 1 % of deposited aragonite, and none of the
deposited calcite. For sediments accumulating below reefs,
only Mg-calcite (16 %) dissolves (Fig. 2a).
Dissolution of 1 mol PIC generates 2 equivalents of alka-
linity, which are added to the alkalinity generated by the re-
dox reactions. PIC dissolution accounts for 9 to 19 % of al-
kalinity generated in carbonate shelf sediments (depending
on water depth), 6 to 16 % in non-carbonate shelf sediments,
and 19 % in sediments from banks and bays and reef envi-
ronments (Fig. 2b).
3.1.5 Global coastal flux estimate
The fluxes for the various coastal environments defined by
Milliman et al. (1996) are multiplied by their corresponding
surface areas to estimate first-order areal-integrated coastal
DIC fluxes (Table 7, Fig. 4). Because of their large areal ex-
tent, non-carbonate shelves contribute most (55 %) to global
DIC generation. Carbonate shelves, banks and bays, and reef
environments contribute 37 %, 5 %, and 3 %, respectively, to
global coastal benthic DIC release (Table 7, Fig. 4a). As dis-
cussed earlier, benthic DIC fluxes are largely sustained by
benthic organic carbon degradation, while carbonate dissolu-
tion only contributes a small fraction. Global organic carbon
oxidation in coastal sediments amounts to 117 Tmol yr−1, of
which 56 % occurs on non-carbonate shelves, 37 % on car-
bonate shelves, 4 % in banks and bays, and 3 % in reef en-
vironments. Results show the large dominance of anaerobic
decomposition of POC for DIC production and fluxes. Sul-
fate reduction accounts for 83 % of reactive POC (excluding
the non-reactive fraction) oxidized on the shelves, 85 % in
banks and bays, and 81 % of organic C oxidation in reefs.
Globally (i.e., all environments combined), 83 % of organic
C oxidation in coastal sediments is coupled to sulfate reduc-
tion. While the inferred dominant role of sulfate reduction
contrasts with lower contributions proposed in earlier work
(Jørgensen, 1982; Canfield, 1989; Archer et al., 2002), it is
in line with the more recent work of Canfield (2005) and
Thullner et al. (2009). The baseline simulations further yield
global contributions to organic carbon oxidation of 14, 3 and
0.4 % for aerobic respiration, denitrification, and dissimila-
tory iron reduction, respectively. For the baseline case, the
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Fig. 3. Depth-integrated dissolution of (a) 15 % Mg-calcite, (b)
aragonite, and (c) calcite. Banks and bays (♦), reefs (), carbonate
shelves: 25 m (), 75 m (N), and 150 m (•); non-carbonate shelves:
25 m (), 75 m (M), and 150 m (◦). 15 % Mg-calcite present only in
reefs and banks and bays.
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Fig. 4. Generation of DIC (a) and alkalinity (b), along with the fate
of generated alkalinity and PIC by environment. Baseline coastal
benthic POC deposition fluxes. (a) first column is DIC generation
by C oxidation pathway; second column is PIC dissolution or burial.
(b) first column is alkalinity generation by redox reactions and PIC
dissolution; second column is the fate of the liberated alkalinity
(burial, release to the water column as JAlk∗, release to the water
column as sulfides). Alkalinity sink due to PIC burial is also indi-
cated.
model calculations predict that 6.8 Tmol of PIC dissolve an-
nually, which corresponds to 28, 30, and 30 % of the coastal
deposition fluxes of calcite, aragonite and Mg-calcite, re-
spectively (Table 7). Carbonate dissolution contributes ap-
proximately 6 % and 4 % of the total DIC flux from carbon-
ate and non-carbonate shelf sediments, respectively, 11 % of
the DIC from bank and bay sediments, and 10 % of the DIC
from reefs. Globally, therefore, about 5 % of DIC release
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from coastal sediments (7 Tmol yr−1, Table 7) results from
PIC dissolution.
In all the coastal environments, net sulfate reduction
(NSR) and PIC dissolution dominate alkalinity generation
(Fig. 4b). The share of in situ alkalinity generated via NSR
is greatest where POC oxidation is high and PIC dissolution
is relatively low: it accounts for 82 % of alkalinity generated
at the 25 m depth on non-carbonate shelves, while PIC dis-
solution contributes 6 %. Overall, on non-carbonate shelves,
NSR is responsible for 79 % of the alkalinity generated, and
PIC dissolution contributes 9 %. For carbonate shelves, NSR
and PIC dissolution contribute 77 % and 11 %, respectively,
to AT generation. In both the reef and banks and bays envi-
ronments, NSR contributes 70 % of in situ alkalinity, while
PIC dissolution contributes 20 %. Net ammonification is re-
lated to reactive POC deposition, and therefore its contri-
bution to AT is highest where POC deposition is greatest
(9 %) in banks and bays and the 25 m depth of both car-
bonate and non-carbonate shelves, and lowest at the 150 m
depth on the shelves (4 %). Denitrification and net iron re-
duction each contribute approximately 1–2 % of in situ al-
kalinity generation in each of the environments. On a global
scale, in situ alkalinity generation by sediment processes in
the coastal zone is largely dominated by net sulfate reduction
(78 %), followed by PIC dissolution (11 %), net ammoni-
fication (7.7 %), denitrification (2.1 %) and net iron reduc-
tion (1.5 %). Total alkalinity generation equals 124 Teq. yr−1
(Fig. 5b).
The effective alkalinity flux to the water column, JAlk∗
(Sect. 2.5), is much smaller than the in situ alkalinity gener-
ation, because the burial of reduced sulfur is small and, thus,
almost all H2S+HS− is reoxidized in the water column.
In other words, while sulfate reduction is the major source
of in situ alkalinity generation, it contributes little to JAlk∗
(Fig. 4b). Note, however, that sulfate reduction indirectly af-
fects JAlk∗ through its influence on the rates of other redox
processes and PIC dissolution. PIC dissolution contributes
most to JAlk∗, accounting for 65 % of the effective benthic
alkalinity efflux from reefs and banks and bays, 49 % on
carbonate shelves, and 42 % on non-carbonate shelves. Net
ammonification contributes 23 % of JAlk∗ in reefs, 26 % in
banks and bays, 32 % in carbonate shelves, and 39 % of JAlk∗
on non-carbonate shelves. Globally (i.e., all coastal environ-
ments combined), PIC dissolution releases 13.5 Teq. yr−1 of
JAlk∗ (47 %) and net ammonification 9.6 Teq. yr−1 (33 %).
Denitrification, net iron reduction and reduced S burial con-
tribute 9.0 %, 6.6 % and 5.7 %, respectively (Table 7).
For the baseline reactive POC deposition flux
(117 Tmol yr−1), the model predicts an effective alka-
linity flux JAlk∗ from coastal sediments of 29 Teq. yr−1. This
value agrees with Chen’s (2002) range of 16–31 Teq. yr−1,
although the latter was estimated through a very differ-
ent approach. The proposed benthic alkalinity source of
29 Teq. yr−1 is also approximately equal to the 30 Teq. yr−1
of alkalinity supplied to the oceans by rivers (Suchet et al.,
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Fig. 5. Global generation of DIC (a) and alkalinity (b), along with
the fate of generated alkalinity and PIC. Baseline coastal benthic
POC deposition fluxes. (a) first column is DIC generation by C oxi-
dation pathway; second column is PIC dissolution or burial. (b) first
column is alkalinity generation by redox reactions and PIC dissolu-
tion; second column is the fate of the liberated alkalinity (burial,
release to the water column as JAlk∗, release to the water column
as sulfides). Alkalinity sink due to PIC burial is also indicated.
2003). According to our calculations, PIC burial in coastal
sediments represents an alkalinity sink of 32.5 Teq. yr−1.
The corresponding PIC dissolution flux (6.75 Tmol yr−1)
is comparable to the 6 Tmol yr−1 predicted by Andersson
et al. (2003), although the latter dissolution flux was
obtained for a much lower reactive POC deposition flux
of 40 Tmol yr−1. With a reactive POC deposition flux of
40 Tmol yr−1, our model would yield a significantly lower
PIC dissolution (∼ 2 Tmol yr−1, see below).
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Table 7 . Benthic C and alkalinity fluxes by environment, baseline case.
Reefs Banks and Bays Carbonate shelves Non-carbonate shelves Total
Areaa 1012 m2 0.6 0.8 10 15 26.4
PIC ina Tmol yr−1 9 4 6 4 23
POC inb Tmol yr−1 3.1 5.2 43.7 65.6 117
Model outputs
Aerobic C oxidation Tmol yr−1 0.5 0.6 6.1 9.2 16.4
Denitrification Tmol yr−1 0.1 0.1 1.2 1.8 3.2
Fe reduction Tmol yr−1 0.01 0.02 0.20 0.29 0.51
Sulfate reduction Tmol yr−1 2.5 4.4 36.1 54.1 97.3
PIC dissolution Tmol yr−1 0.4 0.6 2.7 3.1 6.8
Sediment PIC % 91 28 2.8 1.1 –
DIC out Tmol yr−1 3.5 5.9 47.0 69.4 126
JAlk out Teq. yr−1 3.7 6.4 47.7 69.5 127
JAlk∗ Teq. yr−1 1.1 1.9 11.1 14.6 29
aMilliman and Droxler (1996).
bHatcher (1990) for reefs; the rest from depth-dependency of Soetaert et al. (2002).
3.2 Sensitivity analyses
3.3 Sulfur cycling
Sensitivity analyses with respect to internal model parame-
ters are performed for the 75 m water depth carbonate shelf
sediments. An increase in the sulfide oxidation rate constant,
kSulfOx , increases the in situ sulfur recycling. As a result, 10-,
100-, and 1000-fold increases in kSulfOx increase the contri-
bution of sulfate reduction to POC oxidation to 82 %, 87 %,
and 92 %, respectively, at the expense of the other C ox-
idation pathways (Fig. 6a). Despite its very small relative
contribution to the carbon decomposition, the accompany-
ing declines in iron reduction cause pore water pH to drop to
lower values (see also Jourabchi et al., 2005) and hence en-
hances calcite dissolution (by 82 % for a 1000-fold increase
in kSulfOx ).
Faster sulfide oxidation markedly reduces net sulfate re-
duction (Fig. 6b), but also decreases oxygen availability for
other secondary redox reactions, particularly nitrification.
This in turn has a significant effect on alkalinity, as nitrifi-
cation consumes alkalinity (Table 3). The combination of in-
creased calcite dissolution and increased net ammonification
results in a 24 % increase in JAlk∗ with a 1000 times higher
than baseline value of kSulfOx (Fig. 6b). Decreasing bioirriga-
tion of sulfides (only) by 90 % increases pyrite burial by 16 %
and calcite dissolution by 143 % , leading to a 7 % increase
in JAlk∗. The results thus illustrate that the in situ fate of the
sulfide produced by sulfate reduction can have a significant
indirect effect on the effective benthic flux of alkalinity, even
though the efflux of H2S+HS− is explicitly excluded in the
definition of JAlk∗.
3.3.1 Iron cycling
In our model, a doubling of the imposed reactive Fe(III) de-
position flux for the 75 m water depth carbonate shelf sedi-
ments approximately doubles the rates of all iron-related re-
actions, including iron reduction and pyritization (Fig. 6b).
It causes an 81 % increase in pyrite burial, prevents calcite
dissolution (due to higher pH), and increases JAlk∗ by 1 %.
Pyrite burial can also be enhanced by increasing the rate con-
stant for FeS precipitation. For a 10-fold increase of the rate
constant kFeS, the contribution of pyrite burial to JAlk∗ in-
creases by 67 %, while the Fe2+ efflux drops by 41 %. As
with sulfur, changes in iron cycling within the sediments
have a measurable effect on the benthic flux of alkalinity to
the water column, but they hardly affect the efflux of DIC,
because POC mineralization dominates DIC production in
the sediments.
3.3.2 Carbonate dissolution
An increase of the rate constant for the PIC dissolution by
50 % leads to a 21 % increase in calcite dissolution (arag-
onite is already completely dissolved at 75 m on carbonate
shelves), resulting in a 2 % increase in JAlk∗ (Fig. 6b). De-
creasing the dissolution kinetics by 50 % decreases calcite
dissolution by 32 % (no effect on aragonite dissolution); yet
this effect on JAlk∗ is also small (3 % decrease).
3.4 Response of coastal DIC and alkalinity fluxes to
global environmental change
3.4.1 Global sensitivity to coastal productivity changes
Estimates of reactive POC deposition flux in the coastal zone
vary by more than an order of magnitude, with our baseline
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Fig. 6. Model output DIC (a) and alkalinity (b) generation sensi-
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estimate being at the high end of the range (Table 1). Here,
we test the sensitivity of DIC and alkalinity fluxes to changes
in the reactive POC deposition flux that range from 12.5 % to
150 % of the baseline flux (Fig. 5a). As expected, the model
outcomes are highly sensitive to the reactive POC deposition
flux (Fig. 5, Table 8). As the reactive POC deposition flux
increases, the absolute rates of all the primary redox path-
ways coupled to organic C oxidation increase, except for iron
reduction, which decreases because the reactive iron(III) de-
position flux is fixed and Fe2+ reoxidation decreases, hence
slowing down the internal iron redox cycle (Fig. 5a). The
percentage of organic carbon oxidized via sulfate reduction
grows from 45 % to 86 % of total POC oxidation, while the
a
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Fig. 7. Contributions of individual redox processes and PIC disso-
lution to DIC efflux (a) and JAlk∗ (b) vs. POC deposition flux.
percentage of iron reduction drops sharply. At the same time,
the relative contributions of aerobic respiration, denitrifica-
tion, and PIC dissolution to DIC production progressively
decrease (Fig. 7a).
Carbonate dissolution contributes a small amount of the
benthic DIC efflux, compared to POC oxidation (Fig. 7a).
The model simulations did not yield any CaCO3 disso-
lution when the global coastal POC flux was less than
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Table 8 . Global estimated benthic fluxes and PIC burial efficiency; POC, DIC and PIC sensitivity.
Reactive POC flux SO2−4 red. DIC out Pyrite JAlk out JAlk∗ PIC burial efficiency (%)
Tmol yr−1 (%) Tmol yr−1 Tmol yr−1 T eq yr−1 T eq yr−1 Calcite Ara. Mg-cal.
15 45 15 0.34 7 3 100 100 100
29 62 31 0.46 22 6 100 94 97
59 75 64 0.35 58 15 97 73 87
117 83 126 0.32 127 29 72 70 70
176 86 186 0.32 195 41 57 68 65
117a 83 127 0.29 130 31 59 69 67
117b 83 128 0.27 132 33 48 68 64
117c 83 124 0.31 123 24 40 65 51
a Bottom water DIC increased by 2.5 %.
b Bottom water DIC increased by 5 %.
c PIC deposition decreased by 56 %.
Values from baseline simulation in bold.
30 Tmol yr−1. For the lowest POC deposition flux consid-
ered in the sensitivity runs (12.5 % of baseline flux), the pore
waters remain supersaturated with respect to all the carbon-
ate mineral phases considered in this study (Fig. 5a), with
the exception of aragonite in the 150 m water depth shelf
sediments (results not shown). Increasing POC deposition
flux increases PIC dissolution (Fig. 8). Globally, 30 % of
the PIC deposited along the continental margins dissolves
in the baseline scenario, mostly on the shelves. The remain-
ing PIC is concentrated on reefs and banks and bays, where
a small amount of dissolution is sufficient for the pore wa-
ters to reach saturation, hence allowing the carbonate min-
erals to be buried. With the estimated baseline deposition
fluxes, Mg-calcite is a minor contributor to DIC generation.
With increasing organic matter oxidation, the aragonite dis-
solution flux increases up to 3.1 Tmol yr−1 when the reactive
POC deposition flux reaches 50 % of the baseline value, at
which point aragonite is essentially depleted on the shelves.
At higher POC deposition fluxes, calcite starts to dissolve.
Overall, PIC dissolution levels out at the higher POC de-
position fluxes tested, because of the depletion of carbonate
phases in shelf sediments, which make up nearly 95 % of the
coastal area (Figs. 8 and 9b).
Despite the complex interplay of processes controlling al-
kalinity generation and efflux, JAlk∗ increases nearly linearly
with the reactive POC deposition flux (Figs. 5b and 9a). At
low POC deposition fluxes, when PIC dissolution is mini-
mal, redox processes (particularly iron reduction) and sulfide
burial are the main source of JAlk∗ (Fig. 7b). With increasing
POC deposition, increased sulfate reduction and the resulting
increase in sulfide re-oxidation decreases oxygen availability
for other oxygenation reactions. Therefore, aerobic respira-
tion, iron reduction, and nitrification all decrease. Aerobic C
oxidation has no effect on alkalinity, and net iron reduction
is fixed by the reactive iron deposition flux. In contrast, the
decrease in nitrification, coupled to the increase in deposi-
tion of organic nitrogen associated with POC, leads to an in-
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crease in net ammonification (Figs. 5b and 7b), which is the
second largest contributor to JAlk∗ (after PIC dissolution) in
the baseline simulations.
Because the simulation results are most sensitive to the
reactive POC deposition flux, it is possible to express the ef-
fluxes of DIC and JAlk∗ in terms of this forcing. Over the
range of POC deposition fluxes tested, the global coastal DIC
efflux can thus be approximated by (Fig. 9a)
JDIC out(Tmol yr−1)= 126+ 0.039(JPOC − 117). (18)
For the same range of reactive POC deposition fluxes,
the effective benthic alkalinity flux (JAlk∗) can also be
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approximated by a linear function (Fig. 9b):
JAlk
∗(Teq. yr−1)= 29+ 0.217(JPOC − 117), (19)
where in both equations JPOC is expressed in Tmol C yr−1.
3.4.2 Global sensitivity to ocean acidification
An increase in bottom water DIC by 5 % (which roughly cor-
responds to a 300 ppm increase in atmospheric CO2) results
in a corresponding drop in the baseline water column pH of
0.24 units and leads to lower carbonate concentrations and
lower calcite throughout the sediment profile (see Fig. 1d
for an example). More importantly, the zone in which cal-
cite dissolution can occur (< 1) is increased in the +5 %
DIC scenario compared to the baseline case, and the mini-
mum calcite predicted for the ocean acidification case (0.90)
is lower than that for the baseline case (0.95). When extrapo-
lated to all coastal environments, these features increase car-
bonate mineral dissolution from 6.8 Tmol yr−1 in the base-
line scenario to 9 Tmol yr−1 (Table 8). In contrast, the re-
duction in bottom water pH has only a marginal impact on
the various redox pathways considered in the model. Con-
sequently, under the high atmospheric CO2 scenario, the
model-predicted benthic DIC efflux only increases by 1.5 %,
but JAlk∗ increases by 17 %. That is, the sediments release an
additional 4.4 Teq. yr−1 of alkalinity in response to the acid-
ification of the coastal waters (Fig. 6).
Decreasing the PIC deposition flux by 56 %, to simulate
reduced calcification triggered by ocean acidification, de-
creases PIC dissolution by 2.1 Tmol yr−1 (31 % drop rela-
tive to baseline value) globally, resulting in a 4.2 Teq. yr−1
decrease in JAlk∗ (i.e., a drop of 15 % compared to the base-
line). This is primarily accompanied by PIC depletion on the
shelves. Under the baseline scenario, aragonite completely
dissolves on both the carbonate and non-carbonate shelves,
while only 30 % of shelf-deposited calcite dissolves. With the
imposed decreased PIC deposition, 100 % of the calcite on
the non-carbonate shelves dissolves as well. Hence, the cor-
responding sediments can no longer provide any additional
buffering. The loss of buffering capacity of shelf sediments
is not compensated by carbonate dissolution in the other ben-
thic environments and, as a result, JAlk∗ drops significantly.
Note that the decrease in JAlk∗ predicted for the reduced PIC
deposition scenario (4.2 Teq. yr−1) is of the same magnitude
as the increase in JAlk∗ predicted for the high water column
DIC scenario (4.4 Teq. yr−1). Thus, the response of coastal
sediments to ocean acidification is expected to be similarly
sensitive to changes in water column pH and calcification,
within their projected ranges for the coming decades.
4 Model limitations
4.1 Areal resolution
The present model approach adopts a very coarse represen-
tation of the global coastal ocean, dividing the total coastal
seafloor area of 2 · 107 km2 into merely four characteristic
environments as described by Milliman and Droxler (1996),
which are characterized by an average depth or further sub-
divided into three depth intervals. By averaging over such
large areas, many local diagenetic features cannot be cap-
tured. The main reasons behind the approach chosen here are
the scarcity and resolution of the observational data and, in
particular, our current inability to obtain estimates of bound-
ary conditions and model parameters at a finer areal resolu-
tion. In this context, the lack of higher resolution estimates of
organic matter deposition fluxes and reactivity in the hetero-
geneous and dynamic global coastal ocean is by far the most
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important limitation towards a finer-scale regionalization of
benthic C fluxes (Arndt et al., 2012).
Within a sufficiently narrow range, major model outputs
such as JAlk∗ vary roughly linearly with the driving input,
POC flux (Eq. 19). To the extent that the relationship remains
linear, an average value multiplied by area should give the
same result as a finer-resolution model. The main compli-
cation occurs when the nature of the underlying processes
changes. For example, very large local POC fluxes could
eventually result in local depletion of some or all CaCO3
phases, which would limit the sediment’s buffering capacity.
Further POC addition could ultimately result in methanogen-
esis – a process that we did not include, because it is not pre-
dicted to occur in the upper sediment layers under average
POC flux conditions (Regnier et al., 2011).
4.2 Modeling approach for different environments
An essential assumption to the model is that the sediments
are accumulating carbon due to POC and PIC deposition
from the overlying water column. However, in shallow en-
vironments and particularly in reefs, benthic productivity
may be an important means of carbon delivery to the sed-
iment, which is currently not accounted for. The approach
presented here also may not be appropriate for modeling
non-accumulating permeable sands, which may comprise up
to 70 % of shelf area (Jahnke et al., 2005). There is rel-
atively little information on carbon fluxes from such sedi-
ments, but the few studies reveal a significant potential for
organic oxidation and DIC release (Reimers et al., 2004;
Jahnke et al., 2005; Rusch et al., 2006; Burdige et al., 2010).
Further attention should thus be given to these settings in the
future.
4.3 Temporal variability
One of the principal concerns in applying a steady-state
model is its ability to capture temporal changes. Primary pro-
ductivity, temperature and river inputs vary seasonally, and
seawater chemistry may vary diurnally. The primary driver
of all processes in the model is POC degradation, which has
a rate constant of 1 yr−1 for the more reactive fraction. Con-
ditions that vary significantly more rapidly than that can pre-
sumably be represented by their average. However, similar
to averaging over area, temporal averaging will be applicable
only so long as the response is roughly linear and the under-
lying processes do not change. For example, while on aver-
age seawater remains saturated with respect to the modeled
CaCO3 phases, it is possible that there are certain points in
the diurnal cycle when the pore water is undersaturated. This
would lead to PIC dissolution that would go unaccounted for
using only averages.
The steady-state approach should be able to accurately re-
flect changes to boundary conditions that occur significantly
slower than the slowest applicable timescale. While reactions
are driven by organic matter degradation, solids advection
through the top 20 cm of sediment (where the vast majority
of reactions occur) will take ca. 50 yr. Therefore, the steady-
state model should be adequate to capture the effects of sea-
water DIC changes induced by global environmental change,
as they are expected to rise by only 5 % over the next cen-
tury. Accurately modeling the effect on sediment solids of
an approximately 50 % increase in POC deposition by the
year 2100 (Andersson et al., 2005) may require a transient
implementation of the model.
4.4 POC fluxes
Previously published estimates of the global POC deposition
flux vary by more than an order of magnitude (Table 1). The
average value of these estimates is ca. 101 Tmol yr−1. There-
fore, our baseline simulation with a reactive POC deposi-
tion flux of 117 Tmol yr−1 and a total flux of 136 Tmol yr−1
should be viewed as an upper-bound estimate for DIC and
JAlk∗ fluxes. The results of the sensitivity study indicate
that, for the bulk range of 60–120 Tmol yr−1, the predicted
global coastal ocean flux of JAlk∗ is most likely constrained
within a factor of 2 (Fig. 5b). Over this POC flux range,
degradation-driven dissolution of shallow water carbonates
generates ∼ 4–7 Tmol yr−1 of JAlk∗, while the total irre-
versible buffering source of alkalinity from shallow marine
sediments (PIC dissolution, denitrification and sulfur burial)
is on the order of 11–19 Tmol yr−1. Taking the contribution
of net ammonification and net iron reduction, JAlk∗ fluxes
increase to 16–29 Tmol yr−1 (Fig. 5b). In contrast, the uncer-
tainty in key internal model parameter values has little influ-
ence on the uncertainty in estimated JAlk∗ fluxes for a given
POC flux (Fig. 6b).
4.5 Organic matter reactivity and quality
The overall reactivity of POC is probably one of the weak-
est constrained parameters. Coastal sediments receive highly
variable organic matter loads from very different sources
(fossil, terrestrial, in-situ produced or laterally transported,
pre-aged marine organic matter) and are subject to ero-
sion/deposition cycles, as well as a strong temporal variabil-
ity and a marked seasonality. The dynamic and heteroge-
neous nature of these organic matter inputs is reflected in ex-
tremely variable organic radio-carbon ages (14C contents of
total organic carbon as fraction of modern F = 1–0.1; Grif-
fith et al., 2010) and model-derived organic matter degrada-
tion rate constants (k= 102 − 10−2 yr−1; Arndt et al., 2012).
Understanding this high degree of variability in coastal or-
ganic matter reactivity and developing a general framework
that allows constraining organic matter reactivity in data-
poor areas is currently not achievable with the existing set
of model-derived values. In addition, previously published
global relationships between organic matter reactivity and
easily observable quantities, such as sedimentation rate or
Biogeosciences, 10, 371–398, 2013 www.biogeosciences.net/10/371/2013/
V. Krumins et al.: Coastal sediment alkalinity fluxes 393
organic matter deposition flux, may not be accurate predic-
tors for coastal sediments. This is because they are based on
a limited number of studies, predominantly from the open
ocean. At the global scale, 2G models assign 51–92 % of the
deposited organic matter to the most reactive fraction while
8–49 % are assigned to the least reactive fraction (Hammond
et al., 1996; Rabouille et al., 1998; Luff and Moll, 2004;
Arndt et al., 2012). However, organic matter depositing in
coastal sediments represents a complex and dynamic mix-
ture of organic matter of variable origin and age (e.g., Mol-
lenhauer et al., 2005). Our partitioning of 67 % “fast” POC
(k= 1 yr−1), 17 % “slow” POC (k= 0.1 yr−1) and 16 % non-
degradable POC can be considered as a compromise reflect-
ing this complex mixture.
In this model, all degradable organic matter is assumed
to have Redfield stoichiometry. Organic matter deposition to
coastal sediments is expected to contain a relatively high in-
put of terrestrial organic matter, which is relatively poorly
characterized with respect to composition or reactivity com-
pared with algae. It presumably has lower reactivity and
higher C content (higher C : N) than algal biomass. Varia-
tions in C : N ratio of degrading organic matter affect the re-
action stoichiometries. For instance, higher C:N ratios would
release less ammonium and consume fewer protons (see R1).
As discussed in Sect. 3.1.3, nitrification consumes more al-
kalinity than is generated during protonation of ammonia.
However, in all modeled cases, “net ammonification” (the
alkalinity effect of ammonification minus that of nitrifica-
tion) is positive. We therefore expect that a decrease in the
N content of the degrading organic matter will decrease net
alkalinity generation by combined ammonification and nitri-
fication. The effect on denitrification will be muted, because
redox process rates are to a large extent determined by the
POC hydrolysis rate and the rates of competing redox pro-
cesses. Therefore, the overall effect of decreased C : N dur-
ing organic matter degradation should be a small decrease in
alkalinity generation within the sediment.
Terrestrial POC is also expected to be more refractory than
that produced in the water column (Andersson et al., 2005).
We limit our study to more labile phases, which is likely
to exclude a large fraction (though not all) of the terres-
trial organic matter. Implementing a model that distinguishes
between terrestrial and pelagic POC would require detailed
knowledge of regional sources of POC, which is beyond the
scope of this modeling effort.
4.6 Other boundary conditions
After POC flux, the other boundary conditions such as
bottom water oxygen, nitrate, DIC or temperature exert a
second-order influence on JAlk∗ estimates. In particular, tem-
perature effects are small in our model, because the only
temperature-dependent aspects of the model are diffusion co-
efficients, equilibrium constants, and the solubility of the car-
bonate phases, while organic matter decomposition, which is
the main driver of PIC dissolution and JAlk∗ generation, is
modeled as independent of temperature. Explicitly account-
ing for the effect of temperature on primary redox reactions
is not straightforward. Observations show, however, that the
dominant microbial populations in each environment are op-
timally adapted to the prevailing environmental conditions
and mineralization rates in permanently cold Arctic sedi-
ments are similar to those of temperate nearshore environ-
ments (Arnosti et al., 1998; Kostka et al., 1999; Jørgensen,
2006; Arndt et al., 2012).
4.7 Secondary redox processes
The modeled secondary redox processes are limited to the
reactions of major reduced species (NH+4 , Fe2+, HS−, and
FeS) with oxygen. There is a great deal of uncertainty in
published kinetic parameters for these reactions. Our sensi-
tivity analysis on sulfide oxidation kinetics suggests that even
large (several orders of magnitude) changes in the kinetics of
this process will result in changes in benthic return fluxes of
DIC and AT that are relatively small compared with those re-
lated to uncertainty associated with POC deposition fluxes.
This effect is further complicated by bioirrigation of reduced
species out of the sediment, which is also rather uncertain.
In order to minimize model complexity and uncertainty,
we did not model several other possible reactions, including
oxidation of sulfides by Fe3+, NO−3 , or Mn4+. These reac-
tions also consume alkalinity and would be expected to in-
crease CaCO3 dissolution and should be addressed in future
research.
Despite these limitations, our modeling study provides a
first-order global estimate of the coupled carbon dynamics
in coastal sediments and of the associated benthic DIC and
alkalinity fluxes. It also reveals knowledge and data gaps in
our understanding of DIC and alkalinity fluxes, unravels the
sensitivity of coastal carbon cycling to ongoing global envi-
ronmental change and highlights the need for comparative,
spatially resolved approaches in understanding and quantify-
ing global coastal ocean biogeochemical dynamics.
5 Synthesis
A one-dimensional reactive transport model (RTM) of early
diagenesis is used to describe primary and secondary redox
reactions and their impact on the dissolution of carbonate
mineral phases (calcite, aragonite, and 15 % Mg-calcite) in
shallow marine sediments. The model predictions are ex-
trapolated to estimate benthic fluxes of DIC and alkalinity
for the global coastal ocean, based on the benthic typol-
ogy proposed by Milliman and Droxler (1996). However,
because our baseline scenario falls in the higher range of
global coastal POC deposition fluxes reported in the liter-
ature, the absolute flux values should be viewed as upper-
bound estimates. The results highlight the dominant role of
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anaerobic respiration, mainly sulfate reduction, in the de-
composition of sediment organic matter; hence, as a source
of benthic DIC in the coastal ocean (77 % of the base-
line DIC efflux of 126 Tmol yr−1). The oxidation of or-
ganic carbon is estimated to cause the dissolution of approxi-
mately 7 Tmol yr−1 of shallow-water marine carbonate min-
erals (circa 0.1 Pg C yr−1). As expected, the predicted car-
bonate dissolution flux is very sensitive to the supply of re-
active organic matter to the sediments. For an increase of the
reactive POC deposition flux by a factor 1.5, carbonate dis-
solution increases by about 20 %.
For the baseline reactive POC deposition flux of
117 Tmol yr−1 (total POC deposition flux of 136 Tmol yr−1),
the model-derived total alkalinity efflux from the sediments
is 120 Teq. yr−1. A large fraction of this efflux is under the
form of reduced solutes that are highly unstable in oxy-
genated waters and, therefore, are unlikely to serve as buffer
against rising atmospheric CO2 and ocean acidification. By
assuming that free sulfide reaching the sediment–water in-
terface is instantaneously and quantitatively oxidized, the ef-
fective benthic alkalinity flux to the water column (JAlk∗) is
29 Teq. yr−1. The two main contributions to JAlk∗ are car-
bonate dissolution (46 %) and net ammonification (33 %),
with smaller contributions from denitrification (9 %), net iron
reduction (7 %), and reduced sulfur burial (6 %). Subtracting
net ammonification from JAlk∗ results in a minimum estimate
of the effective benthic alkalinity supply to the global coastal
ocean on the order of 19 Teq. yr−1.
While our estimate of the effective benthic alkalinity flux
JAlk∗ of 29 Teq. yr−1 compares well with the range of 16 to
31 Teq. yr−1 proposed by Chen (2002) for the coastal ocean,
our analysis of the underlying sedimentary processes is quite
different. Chen and Wang (1999) attribute over 80 % of the
benthic alkalinity flux to iron and sulfate reduction, with no
contribution from carbonate mineral dissolution. Our analy-
sis is thus more in line with that of Berelson et al. (2007),
who acknowledge the production of alkalinity by carbonate
dissolution, along with sulfate reduction and the reoxidation
of sulfide by iron oxides. These authors report an average
alkalinity efflux from California margin sediments of about
2.5 meq m−2 d−1, which is close to the average JAlk∗ flux we
calculate for carbonate and non-carbonate shelf sediments
(∼ 2.8 meq m−2 d−1). In contrast, Hu and Cai (2011) report
a significantly lower flux of alkalinity (4–5 Teq. yr−1) gener-
ated by ocean margin sediments. Their estimate only takes
into account net benthic denitrification and pyrite burial, be-
cause the authors implicitly treat the coastal water column
plus the underlying sediments as a single system and, hence,
alkalinity-producing benthic processes that are (or could be)
counteracted by alkalinity-consuming processes in the water
column are not considered. The authors also do not include
carbonate precipitation and dissolution, because their focus
is on anaerobic processes. Using this whole-coastal ocean ap-
proach, yet focusing only on anaerobic processes, leads Hu
and Cai to omit the two major sources of JAlk∗ included in
our model: carbonate dissolution and ammonification. Once
the differences in system delineation (whole ocean versus
sediments, anaerobic processes only vs. coupled redox and
dissolution) are recognized, the alkalinity fluxes assigned by
Hu and Cai to denitrification (1.5 Teq yr−1) and pyrite burial
(2.4–3.3 Teq. yr−1) are nevertheless comparable to our base-
line estimates of 2.6 Teq. yr−1 for coastal zone denitrifica-
tion, and 1.6 Teq. yr−1 (Fig. 5b) for reduced sulfur burial.
Despite the diversity of approaches, relatively coherent es-
timates of the contribution of sediment biogeochemical pro-
cesses to benthic DIC and alkalinity fluxes in nearshore and
continental shelf environments are emerging. With the early
diagenetic modeling approach used here, it is further pos-
sible to analyze the sensitivity of the benthic fluxes to ex-
ternal forcings and model parameters. This strengthens our
ability to predict the response of benthic DIC and alkalin-
ity fluxes from coastal sediments to anthropogenic perturba-
tions, in particular coastal eutrophication and ocean acidifi-
cation.
Supplementary material related to this article is
available online at: http://www.biogeosciences.net/10/
371/2013/bg-10-371-2013-supplement.pdf.
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